This document is made available in accordance with publisher policies. Please cite only the published version using the reference above. Full terms of use are available: http://www.bristol.ac.uk/pure/about/ebr-terms Earth and Planetary Science Letters 435 (2016) As an episode of rapid global warming associated with the release of massive quantities of carbon to the atmosphere and oceans, the Paleocene-Eocene Thermal Maximum (PETM, ∼56 Ma) is considered a potential analog for modern anthropogenic carbon emissions. However, the prevailing order of magnitude uncertainty in the rate of carbon release during the PETM precludes any straightforward comparison between the paleo-record and the modern. Similar barriers exist to the interpretation of many other carbon isotope excursions in the geological record. Here we use the Earth system model cGENIE to quantify the consequences of differing carbon emissions rates on the isotopic record of different carbon reservoirs. We explore the consequences of a range of emissions scenarios -from durations of carbon input of years to millennia and constant versus pulsed emissions rates, and trace how the isotopic signal is imprinted on the different carbon reservoirs. From this, we identify a characteristic relationship between the difference in carbon isotope excursion sizes between atmospheric CO 2 and dissolved inorganic carbon (DIC) and the duration of carbon emissions. To the extent that available isotopic data spanning the PETM constrain the size of the marine and atmospheric carbon isotopic excursions, applying this empirical relationship suggests the duration of the component of carbon emissions that dominates the isotopic signal could be less than 3000 yr. However, utilizing the ratio of excursion size in the atmosphere to ocean as a metric to constrain duration of carbon emissions highlights the necessity to strengthen estimates for these two measurements across the PETM. Our general interpretive framework could be equally applied in assessing rates of carbon emissions for other geological events.
Introduction
The Paleocene-Eocene Thermal Maximum (PETM, ∼56 Ma) is the most well-studied example of a hyperthermal event and perhaps our best geologic analog for future climate change. Hyperthermals like the PETM are identified in the sedimentary record by three primary lines of evidence: 1) a negative carbon isotopic (δ 13 C) excursion (CIE) (McInerney and Wing, 2011; Zachos et al., 2008) , 2) dissolution of marine carbonates (CaCO 3 ) (Zachos et al., 2005) , and 3) a transient increase in temperature indicated by paleotemperature proxies (Dunkley Jones et al., 2013; Zachos et al., 2008) . Together, these lines of evidence are consistent with the PETM being driven by massive release of isotopically records from shallow marine and terrestrial settings on the basis of carbon isotope stratigraphy (e.g. Bowen and Beitler Bowen, 2008; Cui et al., 2011) but this makes hitherto unquantified assumptions about the relative shape of the excursion among various settings.
Orbital tuning of such sections relies on accurate identification of short astronomical cycles (precession) and assumes linear sedimentation between tie points, sufficient only to say that the onset of the PETM apparently occurred within a single precession cycle (19 kyr) (Cui et al., 2011) . No reliable direct age control at millennial or shorter timescales exists. There is also uncertainty regarding the magnitude of the carbon isotopic excursion (McInerney and Wing, 2011) . This is important because the CIE size, combined with the magnitude of change in ocean saturation state, should theoretically constrain the mass and isotopic composition of the carbon source (Panchuk et al., 2008; Zeebe et al., 2009 ). Similar to uncertainty over age models for the PETM onset, site-to-site variations in the size of the CIE and a lack of constraints on the evolution of ocean carbonate chemistry across the event mean that the best estimates for the mass of carbon released across the PETM still span a factor of two or more -from perhaps 3000 to 6000 Pg C with an isotopic composition somewhere between methane (∼−60h) and organic carbon (−22 to −27h) (Panchuk et al., 2008; Zeebe et al., 2009 ).
Deep sea benthic foraminiferal records sample the dissolved inorganic carbon (DIC) reservoir, which dominates the mass of the exogenic carbon pool and should thus provide the closest estimate for the global CIE size, yet benthic foraminiferal CIEs are also observed to vary in magnitude from site to site (Sluijs and Dickens, 2012) . Further, the resolution of these records is limited by the mixing time of the oceans, as well as the rate of sediment accumulation and the depth of mixing in the sediments, such that even a record which perfectly sampled the CIE in the oceanic DIC pool would not constrain the duration of carbon release if it was faster than the ocean's mixing time -an effect potentially complicated by changes in ocean mixing time in response to warming (i.e. transient stratification) (Thomas et al., 2002) . Records of the CIE from marine organic carbon avoid the potential for truncation by chemical erosion, but these records are potentially biased by changes in the composition of organic matter (terrestrial vs. marine) as well as changes in fractionation during organic carbon fixation because of elevated atmospheric pCO 2 -factors which can either dampen or amplify the recorded CIE (Cui et al., 2011; Sluijs and Dickens, 2012) . Similarly, δ 13 C records from soil carbonates are not subject to dissolution or bioturbation, but the CIE magnitude may be biased by changes in vegetation, hydrology, and soil formation (Bowen and Beitler Bowen, 2008; Dunkley Jones et al., 2010) . Overall, marine and terrestrial CIEs are significantly different, with terrestrial records consistently indicating a larger perturbation (McInerney and Wing, 2011) .
Given the diversity of carbon reservoirs and variability in the size of recorded CIEs, a means of quantifying the expected CIE size relationship is needed to support the interpretation of an event.
Here we use the Earth system model cGENIE (Edwards and Marsh, 2005; to provide a general theoretical framework for interpreting abrupt onset (<20 kyr) CIEs in the geologic record and to quantify how such anomalies propagate through various reservoirs within the exogenic carbon pool, excluding biases entrained during the formation of the sedimentary record. We take the PETM as a case study as it continues to be identified from a wide range of depositional settings and substrates and employ a late Paleocene configuration of the model. We go on to demonstrate how varying rates of carbon release will generate predictable differences in the size and time-history of the CIE preserved from various reservoirs, an approach that may help bypass the difficulty of generating accurate age models for rapid events and explain apparent inter-site discrepancies in the size of global CIEs.
Methods
In this paper we employ 'cGENIE' -an Earth system model of intermediate complexity comprising: a 3-D dynamic ocean circulation model with simplified 'energy and moisture' balance atmosphere (Edwards and Marsh, 2005) , a representation of the biogeochemical cycling of elements and isotopes in the ocean , plus marine sediments and terrestrial weathering (Colbourn et al., 2013) to close the geological cycle of carbon. Because of the inherent importance of achieving an appropriate simile of carbon isotope dynamics in the ocean and atmosphere, we provide an overview and assessment of the cGENIE 13 C cycle, before describing the experimental methodology.
Representation and evaluation of δ

C in cGENIE
The 13 C cycle in cGENIE is based on the scheme described in Ridgwell (2001) and updated as described in . Zhang et al. (1995) . The air-sea fractionation scheme follows that of Marchal et al. (1998) with the individual fractionation factors all taken from Zhang et al. (1995) . Air-sea fractionation is a function of both kinetic and equilibrium fractionation effects (the latter of which is dependent on temperature) while sea-air fractionation is a function of kinetic fractionation and also takes into account carbonate speciation in seawater. For the formation of organic matter at the ocean surface, fractionation occurs with respect to δ 13 C of CO 2(aq) , and is a function of the CO 2(aq) concentration in an approximation (Ridgwell, 2001 ) of the model of Rau et al. (1996) . Fractionation between the δ 13 C of HCO − 3 and calcite follows Mook (1986) in a simple temperatureonly dependency. The cGENIE model hence incorporates all the major ocean-atmosphere, biotic and abiotic 13 C fractionations, together with the relevant dependencies on temperature, [CO 2(aq) ], and pH. The notable exceptions are: exchange with the terrestrial biosphere and any foraminiferal 13 C vital effect dependency on ambient carbonate ion concentration. As a result of the ongoing release of isotopically depleted fossil fuel-derived CO 2 to the atmosphere, there exist no measurements of the pre-industrial steady-state distribution of the δ 13 C of dissolved inorganic carbon (δ 13 C (DIC) To create a comparable model field, we take a modern configuration of cGENIE (Cao et al., 2009 ) with the same resolution as used subsequently for the Eocene (see Section 2.2) and run it through a standardized forced historical atmospheric transient (see : Cao et al., 2009 : Cao et al., , until year 2010 . We extract the annual average for the year 1998 from the model as approximately representative of the data. We illustrate the model-data evaluation in a single plot ( 
Experimental methodology
For subsequent experiments, we applied the early Eocene configuration of Ridgwell and Schmidt (2010) . In a 20 kyr initial spin-up of Eocene ocean circulation and carbon cycling, atmospheric CO 2 was set to 834 ppm with a δ 13 C of −4.9h and weathering tracked sedimentary loss at all times (a 'closed' system, . To bring the geological 13 C cycle into steady state, we ran the model for a further 500 kyr as an 'open' system including temperature-dependent silicate and carbonate weathering (Colbourn et al., 2013 To trace the propagation of a carbon isotope anomaly through various carbon reservoirs in cGENIE we ran an ensemble of experiments, injecting carbon of a specified mass and δ 13 C to the atmosphere to generate a range of CIEs. The required carbon input as a function of global CIE size and δ 13 C of the carbon input was calculated as a simple steady-state mass balance (Fig. 2) . Table S1 provides all the masses of applied carbon pulses in order to generate specified δ 13 C excursions in cGENIE.
The selected δ 13 C compositions for carbon pulses (−12h, −22h, and −60h) span a range of proposed PETM sources (Panchuk et al., 2008; Zeebe et al., 2009) , with the −12h source representing a mixture of mantle CO 2 and organic carbon and providing a high mass scenario (Panchuk et al., 2008) . For each carbon release, we then varied the input duration from 1 to 10 000 yr (see durations of ≤2500 yr, the y-axis has a break from 5000 to 20 000 yr, while there is no axis break for comparable plots with carbon release duration of 5000 and 10 000 yr. Table S1 ), with carbon applied at a constant yearly rate equal to the total mass of carbon divided by the input duration. All experiments were run for 25 000 yr. For "PETM-equivalent" −4h CIE scenarios, we also ran all experiments without a CO 2 -climate feedback and radiative forcing fixed at the equivalent of 834 ppm.
Results and discussion
Impact of onset duration on CIE size
For each Eocene carbon release experiment, the pulse of isotopically depleted carbon drives a negative CIE in atmosphere, ocean, and sedimentary carbon reservoirs. Fig. 3 shows the resulting δ 13 C profiles for atmospheric CO 2 , surface ocean DIC, mean ocean DIC, benthic DIC, and sedimentary CaCO 3 for each −4h CIE scenario with a varying input duration (1, 250, 500, 1000, 2500, 5000, and 10 000 yr experiments shown) (see Fig. S3a and b for equivalent −1h and −2h CIE time-series plots). For the mean ocean DIC, benthic DIC, and sedimentary CaCO 3 reservoirs, the input duration has little effect on the CIE magnitude (<0.2h difference when input duration varies from 1 to 10 000 yr; see Table S2 ), though the time-history of δ 13 C differs, with slower excursion onsets for longer input durations. However, in the atmosphere and surface ocean DIC reservoirs, the CIE size is a strong function of the input duration (Fig. 3) . Thus, the shorter the carbon input duration, the larger the amplification of the CIE in the atmosphere and surface ocean DIC pool relative to the deep ocean DIC pool.
For very short input durations (<100 yr) and carbon pulses of −22 and −60h, there is also an identifiable amplification of the CIE in the atmosphere relative to the surface ocean (see Table S2 ).
From the experiments, we identify a characteristic relationship for a given total emission between the duration of carbon input and the ratio of the size of the CIE in the atmosphere relative to the mean ocean DIC reservoir:
where CIE ocn is the size of the CIE in the mean ocean DIC reservoir, CIE atm is the size of the CIE in atmospheric CO 2 , t onset is the input duration in years, and a, b, and c are empirically determined constants that vary as a function of the mass of carbon input (Fig. 4) . Table S3 provides constant values determined from −1h, −2h, and −4h CIE experiments with appropriate masses of carbon input given isotopic compositions of −12h, −22h, and −60h.
The complexity of multiple time-dependent fractionation processes coupled to advection of modeled carbon tracers necessitates the development of an empirical, rather than analytical, expression for the relationship describing the connection between the duration of atmospheric carbon injection and relative δ 13 C excursion size.
Depth propagation of the δ
C anomaly
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where t onset is the input duration in years, t CIEsurf is the time of the δ 13 C minimum in surface ocean DIC, t CIEbenthic is the time of the δ 13 C minimum in benthic DIC, and a and b are empirically determined constants that vary as a function of the mass of carbon input (Fig. 5a, c, d ). In experiments with radiative forcing fixed (Fig. 5b) , the exponential decay relationship between the input duration and the delay in propagating the δ 13 C anomaly from surface to deep is much weaker. Table S4 provides values for constants from all experiments with −22h or −60h inputs (and from −12h input when radiative forcing is fixed).
It is also possible to evaluate the time required to propagate 13 C-depleted carbon through each model ocean layer. cGENIE includes a 16 level ocean with maximum depth of 5 km and vertical spacing that increases with depth from ∼81 to ∼763 m. Fig. 6 shows the propagation of CIEs with ocean depth for 10 kyr following a carbon pulse of either −22h and −60h (with mass set in order to generate a −4h CIE) and varying input durations. Just as the 1-year release causes the largest delay in transmitting the δ 13 C anomaly to the deep ocean (in Fig. 5 ), the delay is also greatest in moving the δ 13 C minimum through each successive ocean layer (Fig. 6 ). The amplified CIEs (i.e. greater than the global CIE size of −4h, marked by thick black contours in Fig. 6 ) created during the rapid release scenarios are restricted to the upper ∼1000 m of the modeled water column. As a result, during the onset phase of rapid release scenarios, absolute δ 13 C values in the surface and deep-ocean will converge or even reverse, leading to a collapse in planktic-benthic δ 13 C or negative planktic-benthic δ 13 C within the first few thousand years following the onset of carbon release. The relative amplification of the time it takes to propagate the CIE from the surface to the deep-ocean in experiments including CO 2 -climate feedbacks is due to the relationship between global temperature and input duration. For a given CO 2 mass, faster release means a relatively larger increase in atmospheric pCO 2 and thus larger and faster increase in surface temperature (Fig. S4) , driving transient ocean stratification. The longer-term (>5 kyr) response of circulation is to strengthen, with the magnitude of strengthening related to input duration, though less strongly than the initial weakening (Fig. S5) . As a result, for rapid carbon release, the effect of CO 2 -climate feedbacks is to increase the time it takes to propagate the δ 13 C minimum to the deep-ocean, whereas for Table S3 . a) −4h CIE experiment results, b) −2h CIE experiment results, and c) −1h CIE experiment results. Given a measured ratio between the mean ocean CIE and the atmosphere CIE, area between curves indicates the range of possible durations of carbon input.
slower release (10 kyr input duration) CO 2 -climate feedbacks actually decrease the time it takes to propagate the δ 13 C minimum.
Our empirical relationship between input duration and the delay in propagating the δ 13 C minimum from the surface to deep ocean does not hold for −12h carbon input over longer durations because surface DIC δ 13 C does not continuously recover to heavier values after reaching the first δ 13 C minimum. This is due to the extent of changes in ocean circulation caused by large masses of carbon release and does not occur in experiments where CO 2 -climate feedbacks are fixed (Fig. 5b) .
Impact of emissions rate on range in surface ocean CIEs
We also explore the range of CIE sizes that occur spatially within a single carbon reservoir. The degree to which a location at the ocean surface records a CIE originating in the atmosphere is some function of the local rate of air-sea gas exchange and upwelling/mixing as well as the local level of modeled productivity and its response to CO 2 release and warming. For longer carbon input durations where the size of the atmospheric CIE is diminished, surface ocean δ 13 C tracks the atmospheric transient almost equally well everywhere and the range of CIE magnitudes recorded across the entire ocean surface is narrow (Fig. 7a) . Conversely, for a fast release, the impact of differences in the air-sea gas exchange rate vs. mixing is amplified and the resulting range is large. For a given input duration, the CIE size range is also influenced by the total mass of carbon input, a phenomenon recognized by Panchuk (2007) . Because the rate of air-sea gas exchange scales with the air-sea pCO 2 difference (Wanninkhof, 1992) , the isotopic equilibrium is generally more complete and the CIE range smaller for larger total carbon releases (Fig. 7a) . The situation becomes more complicated for slow releases approaching the time-scale of whole ocean mixing because of the influence of release mass on overturning, such that the larger mass leads to a larger CIE range for the same release rate.
Based on the above, releasing the isotopically lightest (−60h) carbon in 1 yr will yield the largest range in surface ocean CIE sizes (Fig. 7a ), hinting at a way of constraining input duration based on the variance in surface ocean records capturing a CIE. Another way to visualize the maximum range is by recording the time-history of surface DIC δ 13 C in each wet grid cell (total of 905 locations) following a 1 year carbon pulse (Fig. 7b) . While the mean surface DIC CIE is ∼20h, the minimum is ∼10h and the maximum is ∼25h. In this scenario, the atmospheric CIE is ∼30h, so the smallest surface DIC CIE is approximately 1/3 the size of the atmospheric CIE. The minimum DIC CIEs also tend to occur more slowly -further indication that upwelling is suppressing the local record of the δ 13 C perturbation.
How fast was the PETM onset?
Our experiments provide a theoretical framework for interpreting and constraining carbon input durations by comparing the magnitude of δ 13 C change in records representing different reservoirs. Our empirical relationship between the ratio of the CIE in global oceanic DIC to atmospheric CO 2 and the carbon input du- 1 yr, 100 yr, 1000 yr, and 10 000 yr. For 1 yr and 100 yr releases, there is an x-axis break from 4000 to 9000 yr. ration (Fig. 4, Table S3 ) is dependent on the total mass of carbon released, such that for a given CIE, the carbon input duration falls in a range constrained by the predicted mass of carbon input (Fig. 4) . We use the PETM as a case study for applying our empirical relationship because of the large number of PETM δ 13 C records generated from a wide variety of settings. Compilation of available PETM records suggests a statistically significant difference between mean marine (−2.8h) and terrestrial reservoir (−4.7h) CIE values (McInerney and Wing, 2011), which might be representative of the mean ocean and atmosphere, respectively. Using this assumption, the ratio of ∼0.6 would suggest a duration of onset between 167 and 1340 yr for isotopic pulses of −12h to −60h, or 881-1340 yr for sources between −22h and −60h.
However, the mean estimates of McInerney and Wing (2011) are arguably not representative of the whole ocean and atmosphere δ 13 C excursions. For instance, biases among n-alkane records of different carbon chain length (Smith et al., 2007) or different plant groups (Schouten et al., 2007) may mean that terrestrial records do not perfectly record the atmospheric CO 2 excursion. Dissolution and mixing in deep-sea records can truncate the CIE and bias the mean marine CIE towards smaller values (Kirtland Turner and Ridgwell, 2013; Zachos et al., 2005) .
In lieu of a mechanistic assessment of the factors biasing each record, we consider 'best' estimates referenced in the literature for the size of the CIE in atmospheric CO 2 and marine DIC. Using a benthic foraminiferal record from a paleodepth of ∼1500 m, McCarren et al. (2008) argued for a marine DIC CIE of −3.5h, while an n-alkane record from the same site showed a CIE of −5h. If these values are representative of the marine and atmospheric CIE sizes, then the ratio of 0.7 suggests an onset duration between 367 and 1989 yr for δ 13 C input between −12h and −60h yr for a −22h to −60h source).
Our experiments might hence suggest that available datasets for the PETM constrain the duration of carbon release at the onset of the PETM to less than 2000 yr. In general, amplification of the apparent atmospheric δ 13 C excursion relative to mean ocean DIC suggests an onset more rapid than 10 kyr. This contrasts with previous work suggesting that it was not possible to constrain the period of carbon release anywhere between "geologically instantaneous" and 50 kyr . However, this interpretation rests on the assumption that larger terrestrial δ 13 C excursions are representative of the atmospheric CO 2 isotopic history and that the based on an n-alkane excursion of −5h recorded in the Bighorn Basin of North America (Diefendorf et al., 2010; Smith et al., 2007) . However, recent work has suggested that plant 13 C fractionation was relatively insensitive to changing pCO 2 across the late Paleocene to early Eocene, though the study resolved climate changes over much longer timescales compared to the PETM (Diefendorf et al., 2015) . Assuming a −4.6h atmospheric CIE and a −3.5h marine CIE, our empirical relationship suggests an onset duration <2551 yr (see Eq. (1) and Table S3 ).
Regarding the possibility that the benthic foraminiferal −3.5h
CIE from Walvis Ridge is an underestimate of the mean global DIC CIE size -while larger benthic foraminiferal CIEs have been recorded, these come from shallow locations of ∼100 m water depth (e.g., Zachos et al., 2006) . Such records are more likely to represent the surface DIC pool and hence be amplified relative to the global DIC CIE. Marine carbonate δ 13 C records are often biased towards recording smaller size excursions because of dissolution of deep sea carbonates and bioturbational mixing (Kirtland Turner and Ridgwell, 2013) , together with the common practice of averaging multiple foraminiferal specimens in a stratigraphic interval to obtain sufficient mass for an isotopic measurement. The latter issue is sometimes overcome by measuring individual foraminifera, but this practice is rarely successful across the onset of the PETM, where benthic foraminiferal abundances decline and individual specimens are often too small to measure (McCarren et al., 2008; Thomas et al., 2002; Thomas, 2003) . Yet even measurements from deep-sea single benthic foraminifera do not show CIEs exceeding −3.5h (Thomas et al., 2002; Zachos et al., 2007) . We thus consider a −3.5h CIE a reasonable (albeit minimum) estimate for the mean global DIC CIE.
Conversely, is it possible that available data lead us to overestimate the duration of carbon release? As Fig. 3 indicates, the amplified CIE in atmospheric CO 2 and surface ocean DIC persists only for a short interval relative to the total event duration. Thus, it may only be possible to detect such amplification if the resolution of a record is greater than a few thousand years; it is possible that low sedimentation rates mean the true amplitude of the atmospheric CO 2 or surface ocean DIC excursion has not been preserved in any analyzed sections. Promisingly, sites with exceptionally high sedimentation rates across the PETM, like those from shallow water sites on the continental margin of the eastern United States, do show larger CIEs in bulk carbonate, planktonic foraminifera and benthic foraminifera compared to deepsea records, consistent with the idea that these records sample the surface (or near-surface) DIC pool with high fidelity (Wright and Schaller, 2013; Zachos et al., 2006) . Well-preserved planktonic foraminiferal records from mixed-layer dwellers also show relatively larger CIEs compared to deep sea benthic foraminiferal δ 13 C records, consistent with the idea of surface ocean DIC δ 13 C amplification . Thus, at least some amplification of atmosphere and surface ocean CIEs is apparent, arguing against an onset much longer than 3000 yr.
Severe ocean acidification (or the development of undersaturated surface ocean conditions) could preclude measurements of amplified surface ocean δ 13 C excursions, though out of all of our experiments, only a 1-year emission of the full 14 578 Pg C (−12h) drives the mean surface ocean undersaturated (Fig. S6) . For a 2000-year release of 6856 Pg C (−22h), no locations in the surface ocean become undersaturated (Fig. S7) . 
Propagating a CIE through the exogenic carbon system
One line of evidence supporting a rapid CO 2 injection into the atmosphere at the PETM onset is the observation of single mixed layer planktonic foraminiferal measurements that show no intermediate values at the PETM onset and a delay of 6-14 kyr between the appearance of excursion values in mixed-layer planktonic foraminifera and in benthic foraminifera at ODP Site 690 in the Southern Ocean (Bralower et al., 2014; Thomas et al., 2002; Zachos et al., 2007 Zachos et al., , 2003 . There is also a substantial delay (stratigraphically, 8 cm) between the δ 13 C minimum in mixed layer and thermocline planktonic foraminifera (Thomas et al., 2002) . However, this ∼5-10 kyr lag (Bralower et al., 2014) is long relative to the mixing time of the global ocean (ca. 1000 yr), suggesting some combination of preservation artefacts (i.e. sedimentary reworking) and/or a significant slowing of vertical mixing rates . Our experiments demonstrate that the propagation time of a CIE with ocean depth is exponentially related to the carbon input duration (Figs. 5 and 6 ). For larger masses of carbon and short input durations, the delay to propagate the δ 13 C minimum to the deep ocean increases to >4000 yr. However, these results are global averages, disguising heterogeneity in the vertical propagation time of the δ 13 C minimum. Individual locations -such as near sites influenced by relatively old waters -could see even longer delays in propagating the δ 13 C minimum. Thus, the inferred large temporal delay between the appearance of excursion δ 13 C values in mixed-layer planktonic foraminifera versus benthic species is plausible and consistent with very short carbon input durations. In 1950, 1960, 1970, and 1980 from experiment where CO 2 14 C was forced to follow an excursion of 764.6h over 10 yr, and b) the model-data 14 C misfit using datasets listed in Table S5 .
contrast, the propagation of the δ 13 C minimum with depth ( Fig. 6) indicates that it cannot take longer than ∼1000 yr for the full mean ocean CIE to reach depths of 1000 m or more (including the impacts of surface warming and transient stratification). This implies that sedimentary reworking (or similar) is required to explain the inferred surface to thermocline delay at ODP Site 690.
Could the PETM onset be (near) instantaneous?
The purpose of our experiments is to provide a context for interpreting δ 13 C records from various reservoirs as they become available. Wright and Schaller (2013) interpreted a −3.5h CIE in bulk carbonate from a shallow marine section (<100 m water depth) at Millville (ODP 174X) as evidence for a roughly instantaneous PETM (13 yr onset duration). Based on the necessity to account for the full −3.5h CIE in deep ocean DIC and a presumed relationship in the size of bulk carbonate CIEs with depth along the continental margin, they argued that their record was consistent with an atmospheric CO 2 CIE of ∼−20h (Wright and Schaller, 2013) . They further argued that the −3.5h CIE was consistent with an excursion of −20h in atmospheric CO 2 by citing the spatially heterogeneous surface ocean records of the bomb radiocarbon perturbation of the last century (Wright and Schaller, 2013) . Irrespective of this interpretation of the Millville record, the question of whether the bomb-derived propagation of a 14 C transient from the atmosphere into the ocean can shed light on geological δ 13 C excursions demands quantitative assessment.
To test the applicability of the bomb radiocarbon anomaly as an analogy for rapid release of 13 C-depleted carbon at the PETM, we ran a series of experiments to approximate the historical bomb radiocarbon perturbation. For these experiments, the configuration of the cGENIE model used was that of Cao et al. (2009) , which has the same resolution as the configuration used for the Eocene experiments described above, but does not include sediments or weathering. Experiments were run following a 10 000 yr spin-up to equilibrate ocean circulation and climate, with atmospheric pCO 2 set at a pre-industrial concentration of 278 ppm with a δ 13 C of −6.5h and δ 14 C of 38.4h (i.e. atmospheric 14 C =∼ 0h). In the first experiment, atmospheric pCO 2 was held constant at 278 ppm while CO 2 14 C was forced to follow an excursion of 764.6h in 10 yr. In the second, CO 2 14 C was forced to follow the same excursion, but at the same time, the atmospheric CO 2 inventory was increased by 2275 Pg C (for comparison with a PETM carbon release scenario). Each experiment was then run for a total of 1000 yr without additional forcing. When atmospheric CO 2 14 C is forced to follow an approximate ∼700h historical positive over 10 yr, the average surface ocean DIC 14 C excursion is just over 100h, with a minimum of almost 0h and a maximum of ∼300h (Fig. 8a ). This reduction in excursion magnitude is consistent with records from corals of the surface ocean DIC 14 C excursion that show magnitudes up to 9× smaller than the known atmospheric 14 C history (Rodgers et al., 2000) , shown in Fig. 9 (see also Table S5 ). In contrast, in our second experiment, where atmospheric CO 2 14 C follows the same trajectory, but is accompanied by a release of 2275 Pg C, the resulting distribution of surface ocean DIC 14 C excursions much more closely resembles our results from the Eocene 13 C-depelted carbon release scenario ( Fig. 8b compared to Fig. 7b ). In this case, the average surface ocean DIC 14 C excursion is ∼400h, with a minimum of ∼250h and a maximum of ∼600h. In other words, the minimum surface ocean DIC 14 C excursion is just over 1/3 of the size of the atmospheric CO 2 14 C excursion. Our Eocene experiments further demonstrated that the range of CIEs in the surface ocean would be relatively smaller for a rapid release of larger masses of CO 2 (Fig. 7a) , suggesting that 1/3 of the size of the atmospheric excursion is a minimum for surface ocean records. Our experiments thus suggest that the 14 C perturbation of the past century is a poor analogy for the range in surface ocean DIC CIEs possible from an instantaneous release of 13 C-depleted carbon (Fig. 8) . This is because the dynamics of an isotopic perturbation alone are very different from an isotopic perturbation accompanied by a large release of CO 2 . What happens is that the increase in air-sea gas exchange caused by the bulk carbon release drives the average surface DIC isotopic composition closer to the atmospheric isotopic composition because carbon and its isotopes are more rapidly exchanged with the surface ocean. Zeebe et al. (2014) also argued that the CIE measured by Wright and Schaller (2013) was too small to reflect carbon release over a decade by comparing a modeled mean surface ocean DIC isotopic history to the atmosphere isotopic history following an instant pulse of carbon. Our analysis goes a step further to quantify the likely range in surface ocean CIE sizes. Applying either of the preferred release scenarios of 2275 Pg C of −60h or 6856 Pg C of −22h over 10 yr yields an atmospheric CO 2 CIE of ∼−12h or −24h, with a minimum surface ocean CIE of ∼7.5h or 11h (see Fig. 7a ). While mixing may truncate the sedimentary expression of an excursion originally recorded in the surface ocean by nannofossils or planktonic foraminifera, a sedimentary sequence with a very high accumulation rate (especially the proposed annual resolution, Wright and Schaller, 2013) should not be notably biased (Kirtland Turner and Ridgwell, 2013) .
Reconciling conflicting estimates of onset duration
Our cGENIE experiments consider the release of carbon at a constant rate equal to the mass of carbon divided by the total release duration in years. These experiments thus disguise the (likely) possibility that carbon release did not occur at a constant rate. As a final example, we consider the difference between emitting 2275 Pg C of −60h over 1000 yr at a constant rate of 2.275 Pg C yr −1 compared to a scenario where carbon was released at 22.75 Pg C yr −1 for 10 yr, followed by 90 yr of no carbon release, before resuming carbon release at 22.75 Pg C yr −1 at the start of the following century (Fig. 10) . This latter scenario still equates to an average emission rate of 2.275 Pg C yr −1 for 1000 yr, though these two scenarios could result in very different records in sites with very high sedimentary accumulation rates or that only record part of the event.
If carbon was released in extremely short pulses, each individual pulse would generate an excursion in atmospheric CO 2 and surface ocean DIC. In our example scenario, there are thus 10 separate ∼−3h CIEs pasted on top of an overall 1000 yr excursion. However, the mean ocean DIC, benthic DIC and sedimentary CaCO 3 records of this emissions scenario are identical to the release of carbon at an average rate of just 2.275 Pg C yr −1 for 1000 yr (Fig. 10) . In this way, it would be possible for a sedimentary section with extremely high accumulation rates to record just one of a series of CIEs and thus show a relatively small size compared to what would be required were the entire mass of carbon to have been released at once.
Is a scenario consisting of multiple phases of emissions likely? This style of emissions is potentially consistent with the idea that the PETM was caused by a series of carbon cycle feedbacks (DeConto et al., 2012; Zachos et al., 2010) following a long-term warming trend. It is also consistent with repeated injections of carbon as a result of volcanic intrusion into organic rich material, e.g. Svensen et al. (2004) .
Conclusions
We used an Earth system model to evaluate the effect of the duration of release of a 13 C-depleted pulse of carbon on the magnitude and time history of the CIE recorded in various reservoirs of the exogenic carbon system. While these experiments were designed to test various emissions scenarios consistent with available constraints for the PETM, the results are generally applicable to other purported episodes of major carbon release in Earth history. We have generated an empirical relationship between the ratio of the CIE in mean ocean DIC to atmospheric CO 2 and the duration of carbon input. When applied using available PETM records, we inferred the duration of onset to have been <3000 yr, though we emphasize that constraints on additional sources of error in interpreting atmosphere and ocean δ 13 C excursion magnitudes are crucial. This empirical relationship provides a framework for interpreting new PETM records as they become available and suggests that the amplification of terrestrial and surface ocean CIEs is consistent with a rapid rate of carbon release and need not be fully explained by factors that artificially enhance the apparent CIE in terrestrial proxies or dampen the CIE in marine proxies. However, such biases are possible and must be considered before this metric can be confidently applied to any particular geologic carbon release episode. In particular, better mechanistic understanding of the factors controlling δ 13 C signals in organic matter and those that influence the sedimentary preservation of δ 13 C signals in the deep sea is crucial. Still, the significant difference between available marine and terrestrial records might, in and of itself, provide a useful metric for constraining the rate of carbon release across the PETM, and potentially across similar events in Earth history as well.
